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ABSTRACT
Observations in subtropical regions show that stratiform low cloud cover is well correlated with the
lower-troposphere stability (LTS), defined as the difference in potential temperature  between the 700-hPa
level and the surface. The LTS can be regarded as a measure of the strength of the inversion that caps the
planetary boundary layer (PBL). A stronger inversion is more effective at trapping moisture within the
marine boundary layer (MBL), permitting greater cloud cover. This paper presents a new formulation, called the
estimated inversion strength (EIS), to estimate the strength of the PBL inversion given the temperatures at
700 hPa and at the surface. The EIS accounts for the general observation that the free-tropospheric temperature
profile is often close to a moist adiabat and its lapse rate is strongly temperature dependent. Therefore, for
a given LTS, the EIS is greater at colder temperatures. It is demonstrated that while the seasonal cycles of
LTS and low cloud cover fraction (CF) are strongly correlated in many regions, no single relationship
between LTS and CF can be found that encompasses the wide range of temperatures occurring in the
Tropics, subtropics, and midlatitudes. However, a single linear relationship between CF and EIS explains
83% of the regional/seasonal variance in stratus cloud amount, suggesting that EIS is a more regimeindependent predictor of stratus cloud amount than is LTS under a wide range of climatological conditions.
The result has some potentially important implications for how low clouds might behave in a changed
climate. In contrast to Miller’s thermostat hypothesis that a reduction in the lapse rate (Clausius–
Clapeyron) will lead to increased LTS and increased tropical low cloud cover in a warmer climate, the
results here suggest that low clouds may be much less sensitive to changes in the temperature profile if the
vertical profile of tropospheric warming follows a moist adiabat.

1. Introduction
Observations show that on daily to interannual time
scales, stratiform low cloud fraction (CF) is strongly
correlated with the lower-tropospheric stability (LTS),
defined as the difference between the potential temperature  of the free troposphere (700 hPa) and the
surface, LTS ⫽ 700 ⫺ 0 (Slingo 1987; Klein and Hartmann 1993; Klein 1997; Wood and Hartmann 2006).
Relationships between LTS and CF from observations in the Tropics (Slingo 1980) and subtropics (Klein
and Hartmann 1993) have been used in the parameterization of low cloud cover in general circulation models
(e.g., Slingo 1987; Rasch and Kristjansson 1998) used to
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predict climate changes. They are also a key assumption in the thermostat hypothesis of Miller (1997) and
in the climate sensitivity study of Larson et al. (1999).
Both of these studies find a strong negative low cloud
feedback on climate changes due to a marked increase
in low cloud cover as the sea surface temperature (SST)
increases. However, it has yet to be demonstrated
whether the observationally derived LTS⫺CF relationships will hold in a changed climate.
Most cloud-topped boundary layers are convectively
driven and have relatively weak internal stratification.
In such situations, the LTS is mainly due to the potential temperature increase across the capping inversion
and the accumulated static stability between this inversion and the 700-hPa reference level. High LTS is associated with strong, low-lying inversions for which
both of these contributions are large. Physically, both
factors promote a well-mixed, weakly entraining
boundary layer in which there is efficient turbulent cou-
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The PBL may be vertically well mixed (e.g., nocturnal coastal stratocumulus) or decoupled into multiple
turbulent layers (e.g., trade cumulus). Two-layer bulk
models have been proposed that can treat both PBL
types reasonably accurately (e.g., Albrecht et al. 1979;
Betts and Ridgway 1988; Park et al. 2004). These break
the PBL into a surface mixed layer (SML), which is a
well-mixed layer that extends from the surface to the
surface-based lifting condensation level (LCL), and a
decoupled layer (DL) that extends from the LCL to the
PBL top in which the potential temperature increases
approximately linearly with height at some rate ⌫DL.
Above the PBL exists a free-tropospheric layer with a
potential temperature that increases approximately linearly with height with a gradient ⌫FT. Using this simple
structure, we can relate ⌬ to the potential temperature
700 at 700 hPa, the height of the p ⫽ 700 hPa surface
z700, the potential temperature at the surface 0, and the
PBL depth zi as follows:
FIG. 1. Idealized profile (thick solid line) of lower-tropospheric
structure during periods of undisturbed flow. Moist adiabats are
shown as light dotted lines.

pling of a stratocumulus cloud layer with its surface
moisture supply (Bretherton and Wyant 1997; Wyant et
al. 1997).
The predictive success of LTS, which is a bulk measure of inversion strength, suggests that a more refined
measure of inversion strength might be even more skillful. In this study we propose such a refinement of LTS,
the estimated inversion strength (EIS), which we argue
is an even better predictor of the planetary boundary
layer (PBL) inversion strength and low cloud cover,
especially under global climate changes. We test this
refinement using rawinsonde profiles, reanalysis data,
and surface observer cloud reports.

2. Relationship between lower-tropospheric
stability and inversion strength
Figure 1 shows an idealized temperature profile for
the lower troposphere ( p ⬎ 700 hPa) typical of periods
of moderate tropospheric subsidence conducive to the
formation of extensive low clouds. Turbulence primarily driven by strong PBL radiative cooling and cold
advection results in a PBL that is capped by an inversion (often referred to as the trade inversion) at a
height zi with a strength ⌬ in the range of 1–10 K.
Although the real structure in the PBL, inversion, and
just above the inversion is more complex than shown in
Fig. 1, this figure still provides a useful basis for relating
LTS to inversion strength.

⌬ ⫽ 共700 ⫺ 0兲 ⫺ ⌫FT共z700 ⫺ zi兲 ⫺ ⌫DL共zi ⫺ LCL兲.
共1兲
The first term on the rhs in the parentheses is the
LTS as defined above, and so Eq. (1) expresses mathematically the basis for LTS being a measure of the
inversion strength. Indeed, ⌬ would be perfectly correlated with LTS provided that the other terms involving the free-tropospheric and decoupled layer  gradients remained constant. However, as we shall show,
these terms actually vary quite systematically with 0.
This destroys the unique relationship between ⌬ and
LTS. It also suggests our next task, which is to find
simple estimates of the free-tropospheric and decoupled layer  gradients.

a. Free-tropospheric lapse rate
First, we note that in the free troposphere, the observed temperature profile is typically close to a moist
adiabat. The tropical atmosphere, with its weak Coriolis force, cannot support strong horizontal gradients in
temperature (Sobel et al. 2001), so the free-tropospheric temperature profile in regions of subsidence in
the Tropics is set by the regions of active deep convection, where the profile is close to being moist adiabatic
(Stone and Carlson 1979). Even in the midlatitudes, the
free-tropospheric thermal stratification remains quite
close to a moist adiabat, although the reasons for this
are somewhat more subtle and involve horizontal, as
well as vertical, mixing (Schneider 2007).
Evidence that the free-tropospheric profiles are
closely tied to the moist adiabat is presented in Fig. 2,
which shows ⌫FT ⫽ d/dz between 700 and 850 hPa as
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FIG. 2. Free-tropospheric lapse rate between 850 and 700 hPa
estimated from 2.5° ⫻ 2.5° daily mean reanalysis data for 12 days
(the first of each month) during 2003, plotted as a function of the
temperature T700 at 700 hPa. Only data with daily mean 850-hPa
subsidence rate in the range of 0.2–0.8 cm s⫺1 are shown. The dots
show the individual profiles and the solid circles are binned as a
function of T700. The dashed line shows the moist adiabatic lapse
rate.

structure in the lower troposphere. There is evidence
that the vertical gradient of liquid potential temperature (conserved for moist processes) increases as the
PBL depth increases, being close to zero for shallow,
well-mixed (and stratocumulus capped) marine boundary layers (MBLs) to being close to a moist adiabat for
deeper PBLs dominated by broken trade cumulus
clouds (Albrecht et al. 1995; Park et al. 2004; Wood and
Bretherton 2004).
When the PBL is shallow the value of ⌫DL is not
particularly important in Eq. (1) because zi ⫺ LCL is
small. We therefore approximate ⌫DL by the moist
adiabat passing through the LCL ⌫m(TLCL, pLCL). Here
TLCL and pLCL are the temperature and pressure of the
LCL, which are themselves only a function of the surface temperature, pressure, and relative humidity.
The decoupled layer  gradient ⌫DL has less leverage
than ⌫FT on the relationship between LTS and ⌬
chiefly because the decoupled layer depth rarely exceeds 1 km, whereas z700 ⫺ zi is rarely less than 1.5 km.
This allows further simplification of Eq. (1) after it is
rewritten in the form
⌬ ⫽ 共700 ⫺ 0兲 ⫹ zi共⌫FT ⫺ ⌫DL兲 ⫺ ⌫FTz700
⫹ ⌫DLLCL.

a function of the 700-hPa temperature. The data are
taken from daily mean National Centers for Environmental Prediction–National Center for Atmospheric
Research (NCEP–NCAR) reanalysis profiles (Kistler
et al. 2001) with moderate subsidence (subsidence rate
at 850 hPa in the range 0.2–0.8 cm s⫺1) over the open
oceans. Only profiles with surface temperatures 270 ⬍
T0 ⬍ 300 K and tropospheric relative humidity lower
than 50% at 600–850 hPa are considered, so as to ensure an ice-free surface and a free troposphere without
clouds. The results indicate that on average the freetropospheric profiles tend to be close to, if slightly conditionally stable, with respect to the moist adiabat, a
result that is in agreement with the zonal mean analysis
of Schneider (2007).
Most important for the relationship between LTS
and ⌬ is the systematic increase in ⌫FT with temperature that is a signature of the moist adiabat. Because
⌫FT is positively correlated with T700 (and hence 700), it
is clear from Eq. (2) that LTS alone will not uniquely
determine the inversion strength ⌬.

b. Decoupled layer  gradient
The decoupled layer  gradient ⌫DL is dependent
upon shallow convection and entrainment processes
and depends in a nontrivial manner upon the moisture
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We idealize ⌫FT as the slope of the moist adiabat
through the 700-hPa temperature. The moist-adiabatic
 gradients ⌫FT and ⌫DL do not differ by more than
around 0.8 K km⫺1, which means that the term zi(⌫FT ⫺
⌫DL) in Eq. (2) will unlikely exceed 1.6 K even for the
deepest PBLs. Further, where observations suggest that
zi decreases with increased LTS (Wood and Bretherton
2004), values of ⌫FT ⫺ ⌫DL increase with LTS. Therefore, the contribution of this term to variability in the
relationship between LTS and ⌬ is likely to be small,
and will henceforth be neglected.

c. A new measure of inversion strength
We are now in a position to define a new measure of
inversion strength that incorporates an improved
representation of the thermodynamic profile of the
lower troposphere. In Eq. (2) we set zi(⌫FT ⫺ ⌫DL) ⫽ 0,
LCL
⫽
⌫FT ⫽ ⌫700
m ⫽ ⌫m(T700, 700 hPa), and ⌫DL ⫽ ⌫m
⌫m(TLCL, pLCL). To determine the LCL we assume a
constant surface relative humidity RH0 ⫽ 0.8 consistent
with surface observations over subsiding regions of the
oceans. We examine the sensitivity to this assumption
below. We now define an estimated inversion strength
EIS using Eq. (2), which is dependent only upon the
temperatures at 700 hPa and at the surface, and
(weakly) upon the surface pressure p0:
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FIG. 3. Probability density function of surface relative humidity
RH0 from COADS data over the global oceans, 60°S–60°N.

700
LCL
EIS ⫽ LTS ⫺ ⌫m
z700 ⫹ ⌫m
LCL.

共3兲

We find that our results are insensitive to further
simplification of EIS by replacing the two moist adiaLCL
with a single moist adiabat at 850
bats ⌫700
m and ⌫m
hPa calculated using the mean of the surface and 700hPa temperatures ⌫850
m ⫽ ⌫m([T0 ⫹ T700]/2, 850 hPa),
such that
850
EIS ⫽ LTS ⫺ ⌫m
共z700 ⫺ LCL兲.

共4兲

The moist-adiabatic potential temperature gradient
⌫m can be calculated readily as
⌫m共T, p兲 ⫽

冋

册

g
1 ⫹ L qs共T, p兲ⲐRaT
1⫺
,
cp
1 ⫹ L2qs共T, p兲ⲐcpRT2

共5兲

where L is the latent heat of vaporization, qs is the
saturation mixing ratio, Ra and R are the gas constants
for dry and water vapor, respectively, g is the gravitational acceleration, and cp is the specific heat of air at
constant pressure. Standard procedures exist to calculate the LCL from T0, p0, and RH0. The pdf of RH0 as
deduced from all Comprehensive Ocean–Atmosphere
Data Set (COADS) observations (Woodruff et al.
1998) over the global oceans 60°S⫺60°N is shown in
Fig. 3, which shows a relatively narrow spread of RH0
with a mean of 0.8 and a standard deviation of 0.07.
Little correlation is found between RH0 and T0 (not
shown).
To calculate z700, little error is introduced by assuming an exponential decrease in pressure with height
with a single scale height:
z700 ⫽ 共RaT0 Ⲑg兲 ln共p0 Ⲑ 700 hPa兲.

共6兲
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We should note that the regional and seasonal differences between LTS and EIS are primarily driven by
the variability in ⌫850
m rather than variations in the LCL
or z700 [see Eq. (4)]. A further assumption that these
latter two variables are constant could be made at this
point, which would simplify the definition of EIS somewhat, but in this study we include their variability for
completeness.
The relationship between EIS, LTS, and the surface
and 700-hPa air temperatures T0 and T700, respectively,
is shown in Fig. 4. Table 1 presents details of a number
of specific regions that will be examined in this study
[identical to those in Klein and Hartmann (1993)]. It is
clear from the figure and Table 1 that a considerable
range of EIS can be obtained for a given value of LTS
by varying the temperature. Although the annual mean
LTS in the North Atlantic region (50°–60°N, 35°–45°W)
is similar to that in the Canarian region (15°–25°N, 25°–
35°W), the EIS is considerably larger because the surface temperature is approximately 15 K colder. Similarly, although the LTS is much larger in the Peruvian
region (10°–20°S, 80°–90°W) than in the North Atlantic, the annual mean EIS is quite similar because the
Peruvian air is warmer. The key insight here is that
although there is a good interseasonal correlation at
any one location between LTS and EIS, there is no one
unique relationship. As we shall see in the next section,
this has important implications for the relationship between LTS and stratus cloud amount.
Figure 4 also shows that the sensitivity of EIS to
changes in RH0 and p0 within the range of observed
values is actually quite small. Given that seasonal mean
values of RH0 for the different regions are all in the
range of 0.75–0.85, this variability is unlikely to influence the EIS by more than 1 K or so. The effect upon
EIS of reasonable pressure variations is even weaker.
So far, although we have presented theoretical arguments and some evidence that EIS should be an improved measure of the inversion strength ⌬ compared
with LTS, we have not clearly demonstrated that EIS is
truly a better measure of inversion strength. It is not
possible to determine ⌬ directly from reanalysis data
because of the poor vertical resolution, and so we turn
to available observations that document the lowertropospheric structure to give a range of surface temperature variability. Figure 5 shows that the EIS is indeed a better predictor of the inversion strength ⌬
over a wide range of temperatures. Taking the subtropical data alone, there is little advantage of EIS over
LTS, but the addition of the tropical and wintertime
midlatitude data demonstrate the greater utility of EIS
at estimating the inversion strength during relatively
undisturbed periods when low clouds dominate. The

15 DECEMBER 2006

6429

WOOD AND BRETHERTON

FIG. 4. Relationship between EIS and LTS for a range of surface air temperatures T0.
(bottom) Assumes p0 ⫽ 1010 hPa. (top) The sensitivity of EIS to changes in surface (left)
relative humidity RH0 and (right) pressure p0. Also shown are observationally derived values
of EIS and LTS taken from NCEP reanalysis (again assuming RH0 ⫽ 0.8 and p0 ⫽ 1010 hPa)
for seasons Dec–Feb (DJF), Mar–May (MAM), Jun–Aug (JJA), and Sep–Oct (SON), for
three regions examined by Klein and Hartmann (1993; see Table 1 for locations).
TABLE 1. Details of the low cloud regions examined in this study. Note that these are identical to those used in Klein and
Hartmann (1993).
Annual mean
Region

Symbol

Location

Type

LTS (K)

T0 (K)

EIS (K)

Peruvian
Namibian
Californian
Australian
Canarian
North Pacific
North Atlantic
China

P
N
C
A
Ca
Pa
At
Ch

10°–20°S, 80°–90°W
10°–20°S, 0°–10°E
20°–30°N, 120°–130°W
25°–35°S, 95°–105°E
15°–25°N, 25°–35°W
40°–50°N, 170°E–180°
50°–60°N, 35°–45°W
20°–30°N, 105°–120°E

Tropical ocean
Tropcial ocean
Subtropical ocean
Subtropical ocean
Subtropical ocean
Midlatitude ocean
Midlatitude ocean
Subtropical land

20.2
20.1
19.4
16.6
14.7
14.4
14.8
15.9

292.0
292.7
290.2
288.7
294.3
280.8
278.4
294.4

6.9
6.6
6.9
5.5
2.5
6.7
7.2
3.2
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FIG. 5. Relationship between (a) mean LTS and mean inversion
strength ⌬; and (b) mean EIS and mean ⌬. Mean surface air
temperatures (T0, K) are shown next to the data points. Data are
taken from times/regions dominated by low cloud conditions using composite inversion-normalized profiles obtained from the
tropical east Pacific (Albrecht et al. 1995; T0 ⫽ 301 K), the southeast Pacific stratocumulus region at 20°S, 85°W (Bretherton et al.
2004; T0 ⫽ 290 K), from ocean weather ship N in the subtropical
northeast Pacific (Klein 1997; T0 ⫽ 292 K for large cloud amount
composite and T0 ⫽ 293 K for small cloud amount composite),
and from periods that stratocumulus clouds were prevalent at
ocean weather ship C in the midlatitude North Atlantic (Norris
1998; T0 ⫽ 284 K for JJA and T0 ⫽ 278 K for DJF).

behavior of the LTS ⫺ ⌬ relationship is consistent
with the greater values of ⌫FT in warmer conditions,
that is, the trend toward weaker inversions for a given
LTS, shown in Fig. 4.

3. Lower-tropospheric thermodynamics and low
stratiform cloud amount
Klein and Hartmann (1993) found a linear relationship between seasonal mean LTS and low cloud
amount for regions in the subtropics. Their data from
regions other than the subtropics were not represented
well by the linear relationship, as is shown in Fig. 6

VOLUME 19

FIG. 6. Relationship between (a) LTS and low cloud amount,
and (b) EIS and low cloud amount, for seasonal means at the
locations described in Table 1. All seasons/regions where LTS ⬎
10 K are plotted.

where we use NCEP reanalysis data for seasonal mean
700-hPa temperatures and other data where they were
not provided in Klein and Hartmann (1993). Comparisons between the COADS–European Centre for Medium-Range Weather Forecasts (ECMWF) data used
therein and the NCEP reanalysis data showed excellent
agreement. Stratus cloud amount data are taken directly from Klein and Hartmann (1993), who used the
cloud atlas data of Warren et al. (1986, 1988). Here, low
stratiform cloud amount CF includes stratus, stratocumulus, fractocumulus, fractostratus, and sky-obscuring
fog. Cumulus clouds are not included. See Klein and
Hartmann (1993) for further details of the cloud data
used. In Fig. 6a, we clearly see that although there is a
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good relationship between LTS and CF for the subtropical regions, this clearly breaks down for the midlatitude regions in the North Atlantic and Pacific, which
tend to exhibit higher CF for a given LTS than their
subtropical counterparts. It is true, however, that there
is a good interseasonal correlation between LTS and
CF in the midlatitude regions. Figure 6a shows that the
EIS represents a much better predictor of CF across all
regions and seasons than does LTS. The correlation
coefficient between EIS and CF is 0.92. It is remarkable
that a single metric depending only upon the surface
and 700-hPa air temperatures is able to explain over
80% of the variance in the regional and seasonal stratus
cloud amount covering regions from the Tropics to the
midlatitudes. The best-fit linear relationship is CF ⫽
a ⫹ b ⫻ EIS, where a ⫽ 0.14 ⫾ 0.06 and b ⫽ 0.060 ⫾
0.010 K⫺1, with the errors quoted at the 95% level.

4. Discussion and implications
Stratus cloud amount scales extremely well with the
EIS. Furthermore, the inversion strength is not
uniquely related to the LTS. For a given LTS, the vertical gradient of potential temperature corresponding
to the moist adiabat increases with increasing temperature, so that a reduced fraction of the LTS between 700
hPa and the surface is attributable to the sharp PBL
inversion at warmer temperatures. We should note
here that this behavior is to a certain extent captured by
the low cloud parameterization of Betts and Boers
(1990), but additional information is required in this
parameterization about the free-tropospheric humidity,
making it less attractive as a simple scaling measure.
How low clouds respond to changes in regional and
global climate constitutes a major uncertainty in predictions of climate sensitivity (Bony and Dufresne
2005). Two recent model studies (Miller 1997; Larson et
al. 1999), both based upon the idea that low cloud cover
in the Tropics increases with lower-tropospheric stability, suggest that low clouds will increase markedly under a warmed climate and hence will constitute a major
negative feedback on the climate system due to the
enhanced albedo. In both of these studies perturbations
in low cloud CF⬘ and LTS⬘ were assumed to be linearly
related in accordance with the observations of Klein
and Hartmann (1993). Insofar as the results presented
here are applicable to a future climate, they are suggestive of a much weaker response of low clouds in a
warmed climate than in the two-box model studies
(Miller 1997; Larson et al. 1999) that are based on the
Klein–Hartmann LTS–CF regression. If the surface air
temperatures warm more or less evenly in the tropical
warm pool and the regions of low cloud surrounding
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them, we would expect LTS to increase because of the
behavior of the moist adiabat with increasing temperature. The enhanced cloud fraction predicted by the regression produces a marked negative feedback on climate changes in these models.
If the aforementioned models were to have used an
ElS-based regression for cloud fraction of the form CF⬘
⬀ EIS⬘, they would have produced a much weaker low
cloud feedback. A rough calculation for T0 ⫽ 285 K,
gives EIS⬘ ⬇ 0.75T⬘700 ⫺ T⬘0. Assuming that future
changes in the lower troposphere follow a moist adiabat
would lead to T⬘700 ⬇ 1.3T⬘0 based upon a linearization
around T0 ⫽ 285 K. It is hardly surprising, given the
moist adiabat features in the definition of EIS, that the
resulting change in EIS is therefore close to zero. It
would be interesting to apply the CF⬘ ⬀ EIS⬘ approximation in an energy balance model of climate feedbacks, but this is beyond the scope of this study. It
would also be interesting to examine the hypothesis
that small, climatic perturbations in low cloud amount
are indeed correlated with fluctuations in EIS using
equilibrium simulations using a large eddy model.

5. Conclusions
In this paper we have presented a new estimate of the
PBL inversion strength (the sharp jump in potential
temperature ⌬ that caps the PBL) that is dependent
only upon the temperatures at 700 hPa and at the surface. We refer to the new measure as the estimated
inversion strength (EIS). An inversion atop the PBL is
almost always present in undisturbed conditions in the
Tropics, subtropics, and midlatitudes. We demonstrate
using observations that the EIS is a more appropriate
measure of ⌬ across a wider temperature range of
temperatures. Further, it is shown that the correlation
between seasonal/regional mean low cloud amount CF
and EIS is considerably higher than with lowertropospheric stability (LTS), especially in the radiatively important midlatitude oceanic stratus regimes.
This calls into question the applicability of relationships
between LTS and CF for use in predicting how low
cloud cover will respond in a warmed climate. We hypothesize that EIS will be a better predictor of the low
cloud response and could be incorporated into parameterizations for simple energy balance models.
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