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ABSTRACT

Small highly absorbing particles, present in concentrations of only 1 part per million by weight (ppmw)
or less, can lower snow albedo in the visible by 5-15% from the high values (96-99%) predicted for
pure snow in Part I. These particles have, however, no effect on snow albedo beyond 0.9 um wavelength
where ice itself becomes a strong absorber. Thus we have an attractive explanation for the discrepancy
between theory and observation described in Part I, a discrepancy which seemingly cannot be resolved
on the basis of near-field scattering and nonsphericity effects.

Desert dust and carbon soot are the most likely contaminants. But careful measurements of spectral
snow albedo in the Arctic and Antarctic point to a ‘‘grey’’ absorber, one whose imaginary refractive
index is nearly constant across the visible spectrum. Thus carbon soot, rather than the red iron oxide
normally present in desert dust, is strongly indicated at these sites. Soot particles of radius 0.1 wm, in
concentrations of only 0.3 ppmw, can explain the albedo measurements of Grenfell and Maykut on Arctic
Ice Island T-3. This amount is consistent with some observations of soot in Arctic air masses. 1.5 ppmw
of soot is required to explain the Antarctic observations of Kuhn and Siogas, which seemed an unrealisti-
cally large amount for the earth’s most unpolluted continent until we learned that burning of camp heating
fuel and aircraft exhaust indeed had contaminated the measurement site with soot.

Midlatitude snowfields are likely to contain larger absolute amounts of soot and dust than their polar
counterparts, but the snowfall is also much larger, so that the ppmw contamination does not differ drasti-
cally until melting begins. Nevertheless, the variations in absorbing particle concentration which will
exist can help to explain the wide range of visible snow albedos reported in the literature.

Longwave emissivity of snow is unaltered by its soot and dust content. Thus the depression of snow
albedo in the visible is a systematic effect and always results in more energy being absorbed at a snow-
covered surface than would be the case for pure snow. Thus man-made carbon soot aerosol may con-
tinue to exert a significant warming effect on the earth’s climate even after it is removed from the

atmosphere.

1. Introduction

In Part I of this paper (Wiscombe and Warren,
1980) a model for calculating snow spectral albedo
was presented. The comparison of its results with
observations showed good agreement in the near-
infrared (near-IR), where the reduction in snow
albedo with age could be mimicked by reasonable
increases in snow grain size (Part I, Figs. 10 and 15).
For the visible wavelengths, however, where the
albedo is highest, the model consistently calculated
albedos higher than are normally observed. The
discrepancy is greater for melting snow than for
new Snow.

Fig. 1 illustrates the problem we are confronting.
The solid line is a recent measurement of spectral
albedo at Scuth Pole Station by Kuhn and Siogas
(1978). In order for our model predictions (the small
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circles) to match these observations in the near-IR
(0.9 < \ =< 1.5 um) we require a snow grain radius
r = 100 wm, which is reasonable for the surface of
the Antarctic plateau (Stephenson, 1967). But using
this grain radius at shorter wavelengths results in
albedos up to 10% higher than observed. A larger
grain size would reduce the albedo at all wave-
lengths, thus destroying our good agreement in the
near-IR.

The probable presence of absorbing impurities
in the snow provides a way out of this dilemma. Be-
cause ice is so weakly absorptive in the visible
region, very small amounts of dust or soot may be
capable of reducing the albedo there, while having
little effect in the near-IR where ice itself is highly
absorptive. Our hypothesis, then, is that measured
snow albedos at visible wavelengths are significantly
lower than pure-snow values due to the presence of
dust or soot.

Using the simple model of Part I, we show below
how snow albedo depends on dust concentration,
dust composition and dust particle sizes. We in-
vestigate first the effect of desert dust, which is a
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mixture of materials whose aggregate optical prop-
erties have been studied, and second the effect of
carbon soot alone, which may normally be the prin-
cipal absorptive component of atmospheric aerosols
that find their way into snow.

2. Observations relating to atmospheric aerosols
in snow

Dust enters snow as ice nuclei, as particles
scavenged by falling snow crystals, and by fallout.
Clay mineral particles, blown up primarily from the
world’s deserts, form a major component of the
global background aerosol (Pruppacher and Klett,
1978). These dust particles can travel thousands of
kilometers to reach snow-covered regions (Prospero,
1979, and references therein).

Snow crystals are usually nucleated by micron-
sized clay mineral particles, and the crystals be-
come effective scavengers when they fall. Magono
et al. (1979) found falling snow crystals to have
collection efficiency near unity for all aerosols in
the size range 0.1to 5.0 wm. The third mechanism—
fallout—is also important, at least in midlatitudes.
Falconer and Hogan (1971) found much more dust in
snow on the ground than they found in falling
snowflakes. ‘

The dust incorporated into snow by all three
mechanisms is predominantly clay minerals, except
where the marine influence is strong, e.g., over
Antarctica, where sea salts tend to dominate. But
we can ignore sea salts in this study because they
are almost perfectly transparent at solar wave-
lengths (Toon et al., 1976). Many of the clay min-
erals are also relatively transparent, but they
typically have highly absorptive inclusions such as
iron oxide, carbon or organic materials (Lindberg,
1975).

Kumai (1976, 1977) has identified the impurities
in falling snow at Camp Century (Greenland) and at
the South Pole. He typically found one large nucleus
at the center and several smaller particles (pre-
sumably scavenged) elsewhere in each snow crystal.
At Camp Century 84% of the nuclei were clay min-
erals, 10% unidentified insoluble minerals and 1%
soluble sea salt (5% had no nucleus). Kumai found
the bulk concentration of clay mineral particles in
falling snow to be 0.034 ppmw, and most of these
particles were at the centers of snow crystals. This
compares with the value of 0.035 ppmw found earlier
by Murozumi et al. (1969) and with a value of 0.050
ppmw we calculate from data of Hamilton and Lang-
way (1967). Kumai found a size distribution some-
what resembling a Junge power law, but with a
plateau around 1 um, which is the typical average
size of these particles.

At the South Pole, Kumai found considerably
more soluble particles in the snow (20%) but still the
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FiG. 1. Snow albedo at South Pole Station,
calculation and measurement.

majority (59%) of the nuclei were clay minerals.
The total clay mineral concentration was lower than
in Greenland, only 0.015 ppmw. Murozumi et al.
(1969) obtained an even lower estimate, only 0.002
ppmw of terrestrial dust, at Byrd Station (West
Antarctica) by multiplying the silicon concentra-
tion by 5.

This enhancement of sea salt relative to conti-
nental dust, and the very low total concentrations
of continental dust in Antarctic aerosol, can be
attributed to the long distance from significant
sources of dust in Australia and southern Africa.
The frequent storms in the oceanic zone surrounding
Antarctica remove much dust by rainout and wash-
out, making Antarctic snow the cleanest on earth.

These dust concentrations in falling snow are
usually preserved if there is no melting. Dust is
found in all polar ice cores (Thompson, 1977; Ham-
mer, 1977; Koerner, 1977). Dust has been used to
identify annual layers even at locations where snow-
melt does not occur, because a maximum is found
every spring at some locations (Langway et al.,
1977; Hammer, 1977).

Dust layers are found in temperate glaciers (Post
and LaChapelle, 1971, Figs. 6-11) corresponding
to the summer melt season. This may be due to clay-
mineral dust accumulating at the surface instead of
percolating down with the meltwater, or to dry fall-
out during the time of no snowfall (Kohno and
Maeno, 1979). Dust concentrations measured in these
dirty layers presumably are representative of the end
of the melt season. For example, Koerner (1977,
Fig. 3) shows concentrations of dust in the annual
dirty layers of an ice core on Devon Island to be
5-10 times as high as concentrations in the inter-
vening clean layers. The top of Devon Island under-
goes a short melt season (July only), so the concen-
trating of dust would presumably be larger where
the melt season is longer.

At lower latitudes we might expect considerably
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F1G. 2. Imaginary index of refraction for desert dust as a func-
tion of wavelength from various sources; taken from Carlson and
Benjamin (1980, Fig. 3).

higher dust concentrations than those cited above.
Dust concentrations in the surface layer of a peren-
nial mountain snowfield in Japan during the melt
season were reported by Higuchi and Nagoshi
(1977), who simultaneously measured total albedo.
The average dust concentration between 30 and
300 cm below the surface was 5 ppmw at the begin-
ning of the melt season; i.e., this ‘‘clean’’ snow
already contained 100 times the dust concentration
found on the Greenland and Antarctic plateaus. As
the summer progressed, the particulate matter was
found to be retained in the topmost 1 cm. The dust
concentration in this topmost centimeter at the
beginning of the melt season (June) was already
100 ppm. The spectrally-integrated albedo was ob-
served to drop from 60% (for 100 ppm dust) to 15%
(for 4000 ppm dust).

For the Quelccaya Ice Cap at 14°S in the Andes
(Thompsonet al., 1979), the average dust concentra-
tion was 5 ppm for snow 4.5-5.5 m below the sur-
face. The dirtiest sample contained 8.8 ppmw dust,
whereas the cleanest contained 1.2 ppmw. These
concentrations are two orders of magnitude greater
than those found in Antarctic snow, but close to
those found by Higuchi and Nagoshi (1977) in Japan.
The dust particle size distribution for Quelccaya has
an effective mean radius (for snow albedo purposes)
of about r = 1.3 pm.

Optical properties of desert dust have been re-
viewed by Lindberg (1975) and by Carlson and Ben-
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jamin (1980). We reproduce Carlson and Benjamin’s
compilation of the imaginary refractive index in
Fig. 2. The measurements of Lindberg and his co-
workers were for desert dust collected in southern
New Mexico. Most of the others were for dust which
blew off the Sahara over the North Atlantic. There
are considerable differences among the various
investigations. Patterson et al. (1977) reported good
agreement for m;,, among samples collected at four
locations spaced across the Atlantic in 1974. Their
results show a strong decrease of m;, between 0.3
and 0.7 pm wavelength (which would make the dust
appear red), but others (in particular Fischer and
Hénel, 1972) show m;, more nearly constant with
wavelength. In the remainder of this paper we use
the term ‘‘red dust’’ to refer to dust whose n;,(\) is
that reported by Patterson et al. (1977).

The measured values of m;, in the visible region
are of the order of 10~2. These values are not char-
acteristic of any pure substance commonly found in
soil. Clay minerals have m;, < 10~* (Lindberg,
1975), while highly absorptive substances like
Fe;0, (Becquerel and Rossignol, 1929) or graphitic
carbon (Twitty and Weinman, 1971) have m;,, = 1;
only some volcanic minerals have 107% < m;p
< 107! (Pollack et al., 1973). Microscopic investiga-
tions indicate that the small highly-absorptive
particles stick on to the large clay particles to create
a sort of raisin-pudding effect (Lindberg, 1975). Thus
the measurements of m;, for continental dust rep-
resent some sort of average.

The differences in Fig. 2 are probably attribut-
able to variability in dust composition. An abundance
of iron oxide would explain the ‘‘red dust’’ curves.
The wavelength dependence of m;, becomes less
steep if the dust contains a grey absorber like
graphitic carbon. Lindberg (1975) attempted to match
the optical properties of natural New Mexico dust
by preparing a synthetic mixture of clay minerals.
The synthetic mixture had higher diffuse reflectance
at all wavelengths out to 2.5 um, and steeper wave-
length dependence in the visible, than did the natural
dust. But, by adding 0.5% by weight of carbon soot
to the synthetic mixture, Lindberg was able to match
the natural dust reflectance. This suggests that vari-
able soot content may be responsible for many of the
differences between measurements in Fig. 2.

Rosenet al. (1978) have used Raman spectroscopy
to identify the absorbing component in urban aero-
sols as graphitic carbon. It also has been shown to
be the dominant absorber in aerosols collected in
rural regions of the United States (Weiss et al.,
1979). Graphitic carbon aerosol particles are pro-

duced by incomplete combustion in forest fires,
brush fires, and industrial furnaces and engines.
Seiler and Crutzen (1980) estimate that both natural

- and industrial sources are of comparable magnitude

at present.
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Graphitic carbon soot consists of randomly
oriented graphite crystallites (» =~ 20 A) embedded
in a matrix of amorphous carbon (Franklin, 1950;
1951). Single crystals of pure graphite are highly
birefringent, with both m,, and m;, depending on
crystal orientation (Greenaway et al., 1969), but the
random arrangement of these crystals in soot means
that soot particles will not exhibit optical anisotropy.
Soot is generally not pure carbon. The complex re-
fractive index varies as the C/H ratio varies, with
m;, generally increasing with increasing carbon
content (McCartney et al., 1965; Foster and
Howarth, 1968; Dalzell and Sarofim, 1969). Because
of this, the measured values of m;,(\) show some
spread, but they generally agree that m;, is in-
dependent of A, to within a factor of 2, for 0.3 < A
< 0.9 um. Dalzell and Sarofim (1969, Table 1) found,
for both acetylene soot and propane soot, m = 1.6
— 0.5i, essentially independent of wavelength in
the visible spectrum. Twitty and Weinman (1971)
reviewed some other measurements of m for carbo-
naceous materials and chose for their calculation a
median value (constant with wavelength) m = 1.8
— 0.5i. Since we lack exact knowledge of the
source and C/H ratio of the graphitic carbon that
may be present in snow, we will use the latter value
in our calculations below.

There are observations which indicate the effi-
cacy of small particles in reducing snow albedo.
Liljequist (1956) noted that in an area downwind
from the hut at Maudheim, where soot particles fell
out, snowmelt was dramatically accelerated, while
elsewhere the snow remained dry. Hanson (1960)
also reported reduced snow albedo due to dust or
soot from human habitation at an Antarctic station.
Dunne and Price (1975) reported that in Labrador
aerosol pollution from a small town drops snow
albedo down to 50% or less within a few days after
each snowfall.

When dust or soot concentrations are very large,
the effect on snow albedo can be seen by the naked
eye. Elgmork et al. (1973) show a photograph of
stratigraphy in winter snow in southern Norway.
Distinct grey bands suggest episodic pollution events
involving soot. Episodic red or yellow snow has also
been reported, in conjunction with dust storms in
regions adjacent to deserts. Red dust in Alpine snow
comes from the Sahara (reviewed by Haeberli, 1977);
in New Zealand snow, from Australia (Marshall and
Kidson, 1929); in the Tien Shan, from Central Asian
deserts (Khromov, 1931; Glazovskaya, 1954); and in
the eastern United States, from the American desert
and ‘‘dust bowl’’ (Byers, 1936; Robinson, 1936).
(Photosynthetic algae growing in melting snow can
also give it a red color, but in the examples cited
here it was dust rather than algae that produced
the color.)
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3. Albedo of snow containing desert dust

We shall assume that desert dust is distributed
uniformly through a snowpack as spheres with given
radii and of density 2.4 g cm™3. The real index of
refraction for clay-mineral dust is ~1.55 (Carlson
and Benjamin, 1980) and we take it to be constant
at this value for all wavelengths.

With these assumptions, there remain three dust
parameters which affect snow albedo: concentra-
tion, mean size, and spectral imaginary refractive
index. Mie calculations are done separately for the
dust particles and the ice particles and averaged
using the respective cross-sectional areas per unit
volume as weight factors. The resulting single-
scattering coalbedo (1 — @) is shown in Fig. 3a for
a snow grain radius ri.. = 1000 um, a dust particle
mean radius 74,4 = 1 um, and a ‘‘red dust’’ imaginary
index m;y(dust). [For A > 0.7 um, m;,(dust) is as-
sumed constant and equal to its value at A = 0.7
pum.] The dust raises (1 — @) significantly for
A < 0.9 um, where m;,(dust) > m;y(ice). At longer
wavelengths, dust concentrations up to 100 ppmw
have almost no effect on @ because ice is more
absorptive and it swamps the dust effect by, virtue of
its much larger volume fraction. This is consistent
with the observation by Dirmhirn (1960) that an
episode of yellow Saharan dust falling into Alpine
snow reduced the visible albedo more than it re-
duced the spectrally integrated albedo (16 and 10%
reduction, respectively).

Fig. 4a shows diffuse snow albedo (ay) versus
wavelength for 20 ppmw of red dust embedded in
snow with grain radii of 1 mm. For fixed concentra-
tion, smaller dust particles are always more effective
in lowering the albedo than larger ones. The snow
would appear grey for 10 um dust particles, but for
particles < 1 um a pronounced albedo peak in the
red appears, in agreement with certain observations
quoted earlier.

Albedos calculated using Kumai’s (1977) size dis-
tribution for dust in Greenland snow, even when it
was extrapolated to include even larger particles,
were barely distinguishable from our rguq = 1 um
results in Fig. 4a. The same is true for the particle
size distributions measured in both dirty and clean
layers of the tropical Quelccaya Ice Cap (eleva-
tion 5650 m).

The mean particle size may be larger at lower
elevations and nearer to sources. Higuchi and
Nagoshi (1977) found the most frequently occurring
radius to be 2-5 um, depending on season, on a
mountain snowfield in Japan. Windom (1969) re-
ported size distributions for various minerals from
a variety of midlatitude mountain snowfields. The
peaks were near r = 1 um for St. Elias snowfields
(Alaska/Yukon) but larger, up to »r = 10 wum, for
snowfields in New Zealand, Mexico and Mt. Olym-
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FiG. 3. Effect of solid impurities on single-scattering coalbedo (1 — @). Solid lines are taken from Fig. 3a of Part 1. Dashed lines
show the effect of adding (a) dust or (b) soot in various concentrations to ice spheres of radius 1000 um.

pus (Washington). However, Patterson and Gillette
(1977) found the mean radius for soil-derived aerosols
to be 1.5 um, even at low-elevation continental
locations.

Fig. 5 shows albedo calculations for snow con-
taining dust particles of radii 1 um (Figs. 5a and 5c¢)
and 5 um (Figs. 5b and 5d). The incident radiation
is a direct beam at solar zenith angle 8 = 60°; the
results for incident diffuse radiation would be very
similar (cf. Part I, Section 5b). We consider 1 um
dust particles to be more typical for large snowfields,
polar ice caps and snow-covered sea ice, but 5 um
particles may be characteristic of snow very near to
sources of dust. In each case we have plotted our
calculated spectral albedo for pure snow and for
snow containing dust in concentrations from 1 to
1000 ppmw. Only albedos for A < 1.5 um are shown
because for longer wavelengths the dust effect is
negligible. Note, however, that for very dirty snow
(1000 ppmw of dust in Fig. 5c) the albedo for A > 1
wm is substantially increased in the case of fine dust
in coarse snow.

For each dust concentration, the albedo in Fig. 5
is plotted using three different spectral imaginary
index cases: constant values of 0.005 and 0.01 (the
two thick lines in Fig. 2) and the measured values
for red dust of Patterson et al. (thin solid line in
Fig. 2). Calculations using the spectral m;,(dust)
of Fischer and Hénel (1972) (shown in Fig. 2) pro-
duced results nearly indistinguishable from the case
of m;m(dust) = 0.01. The values 0.005 and 0.01 rep-
resent reasonable bounds on the measured values of
‘‘average imaginary index’’ (see, e.g., Lindberg,
1975).

The two constant imaginary index cases have es-
sentially similar effects on the snow albedo. They
tend to make it a much flatter function of wavelength
between 0.3 and 0.8 wm than it was without dust, a
phenomenon which is similar to the effect of small
depth (Fig. 13 of Part I). By contrast, the Patterson
imaginary index leads to a very strong wavelength
dependence as dust concentration increases, with
the visible peak displaced to larger and larger wave-
lengths. This is especially true for the more realistic
case rqu = 1 um (Figs. 5a and 5¢).

The upper frames in Fig. 5 are for rj.. = 100 um
(new snow); the lower for ri.. = 1000 wm (old melt-
ing snow). For the same dust concentration, the
albedo is reduced more for ri.e = 1000 wm than for
rice = 100 um. This is because the radiation pene-
trates deeper in more coarsely grained snow and
encounters more absorbing material before it can re-
emerge from the snowpack.

We now attempt to match snow albedo measure-
ments from the central Arctic Ocean by calculating
the albedo of snow containing desert dust. In Fig. 6a
we take the dust size to be r = 1 um, and its imaginary
index that of ‘‘red dust.”” The observations of Gren-
fell and Maykut (1977) are plotted as solid lines only
outto A = 0.9 um, because for A > 0.9 um the spec-
tral resolution is poor (Grenfell, personal communi-
cation). In order of decreasing albedo, the three
curves are for dry cold snow, wet new snow, and old
melting snow. The snow grain size was chosen in
each case as that which produced agreement be-
tween calculated and observed albedo at A = 0.9
pm for pure snow, since at this wavelength dust has
negligible effect on albedo. The grain sizes were thus
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chosen to be r = 110, 300 and 1300 wm, respec-
tively. When these grain sizes are used to calculate
albedo for shorter wavelengths, the results for pure
snow (circles) exceed the observations.

In order to reduce these calculated values to the
observed levels, 10— 15 ppmw of dust was required
(plus signs in Fig. 6a). The calculated albedo, how-
ever, shows a strong spectral variation. If this type
of dust were present in snow, the snow would appear
red or orange, with a peak in albedo at A = 0.6 um.
This is clearly not observed for the snow albedo in
the central Arctic but may be true for snow in regions
closer to deserts. The dotted lines in Fig. 5S¢ show
that the wavelength of maximum albedo decreases
as the dust concentration is reduced. Thus, the re-
ports of red or yellow snow mentioned above may
owe their variability in color to a variability in dust
concentration. The dust is normally reported to be
red as it falls (Haeberli, 1977), but can appear yellow
when diluted in snow. In a firn-core in the high Alps
(Oeschger et al., 1977), the snow tentatively as-
signed to the time of the 1936-37 dustfalls was
yellow.

If dust is responsible for the low observed snow
albedo at Arctic Ice Island T-3, its my,, apparently
cannot be that of red. dust. If we use the m;, ob-
tained for Saharan dust by Fischer and Hanel (1972)
or a flat m;, = 0.005 independent of wavelength,
we obtain rather better agreement with observation.
Fig. 6b shows that 13—-20 ppm of dust (m;,, = 0.005)
can account for the albedo observations at T-3.

~However, it is unlikely that this amount of dust is

present in Arctic snow. Mullen et al. (1972) and
Darby et al. (1974) reported only 1 ppmw dust in
snow at T-3.

4. Albedo of snow containing carbon soot

In order to explain the Grenfell and Maykut albedo
measurements, we apparently need more dust than
is observed, if we use m;,(dust) = 0.005. But, as
pointed out above, m;, = 0.005 is not characteristic
of any pure substance. In fact, the components of
natural dust have highly contrasting imaginary in-
dices and different size distributions. For New
Mexico dust, Gillespie et al. (1978) did separate Mie
calculations for the small-sized absorbing component
(carbon) and the large-sized relatively transparent
components and averaged the results. Compared to
Mie quantities obtained using the ‘‘average’ mp,
there were often large differences. In particular,
the single-scattering albedo fell dramatically when
the two components were treated separately. Mita
and Isono (1980) also showed how, for the same
weight-fractions of the two components, different
size distributions of the absorptive component led
to different ‘‘average’ m;, values.

We saw that we could only match the Arctic snow
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albedo observations by the use of an mi;, for dust
that was fairly constant with wavelength (Fig. 6b).
If the “‘average’” m;, of dust is independent of wave-
length, the absorptive component is most likely
carbon. So we follow the example of Gillespie et al.
and do Mie calculations for the carbon particles by
themselves, ignoring the relatively transparent par-
ticles which are unimportant for snow albedo.

We assume soot is present in the snow as small
particles of radius 0.1 um, density® 2.05 g cm™2, and
refractive index m = 1.8 — 0.5/ (Twitty and Wein-
man, 1971). Fig. 3b shows the effect of soot on the
single-scattering albedo of coarse-grained snow
(r = 1000 um). Comparison with Fig. 3a shows
1) the effect of 1 ppm of soot is as large as the effect
of 100 ppm of dust; 2) soot affects @ only at the short

3 (Note added in revision.) This density would be typical of a
mixture of graphite and amorphous carbon. Together with the
given values of r and m, it implies an absorption cross section
at visible wavelengths of 3.7 m? g~! (blue) to 5.7 m? g™! (red).
However, the individual 0.1 wm size soot particles may them-
selves contain gaseous inclusions, so that a more realistic density
might be 1 g cm™® (Rosen, personal communication), implying
a visible absorption cross section of 7.4-11.5 m? g~!. If so, the
reduction of snow albedo which we show for a given soot con-
centration should actually be attributed to half that concentration.
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concentration, the albedo is plotted for three different m;,(\).

wavelengths (just as for dust); and 3) 1 ppm soot re-
sults in (1 — @) rather constant with wavelength
in the visible, whereas 100 ppm ‘‘red dust’ gave a
minimum at wavelength 0.6—-0.7 wm.

The effect of soot particle radius on snow albedo
is shown in Fig. 4b, for coarse-grained snow and a
soot concentration of 0.3 ppmw. As for dust (Fig.
4a), the albedo drops as the soot particle size de-
creases. Twitty and Weinman (1971) suggested a
model size distribution for soot particles which was
based on observations of urban air by Peterson et
al. (1969). When we used this distribution, we ob-
tained the same spectral snow albedo as for the
monodisperse » = 0.1 um case in Fig. 4b. There-
fore, in all the calculations below which include soot
we have used r(soot) = 0.1 wm. [Recently, Whitby
(1979, Fig. 4) reported a.bimodal size distribution,
a‘‘nucleimode’ atr = 0.015 um and an ‘‘accumula-
tion mode” at r = 0.1 um. As explained by Weiss
et al. (1979, Fig. 2) and Bergstrom (1979, Fig. 1), this
distribution should have the same absorption coeffi-
cient per unit mass as the monodisperse r = 0.1
um soot we are using.]

The effect of soot concentration on direct-beam
(6 = 60°) snow albedo is shown in Fig. 7 for two dif-
ferent snow grain sizes. As with dust (Fig. 5), a par-

ticular concentration of soot is calculated to have
much more effect on the albedo of old melting snow
(r = 1000 wm) than on that of new snow (» = 100 wm).

The darkened snow is calculated to be essentially
grey in the visible, in contrast to the strong peak in
the red for red dust. A weight fraction of 107 for
soot in snow (r = 1000 wm) is calculated to reduce
the albedo at A = 0.4 um by 7%. Even a weight frac-
tion as low as 10~® is calculated to reduce the albedo
at this wavelength by 1%.

Fig. 6¢c shows that a soot concentration of 0.3—
0.4 ppmw is required in our model to match the
albedo observations of Grenfell and Maykut (1977).
There are some discrepancies in exact shape be-
tween the two curves; they could be explained if the
soot in the Arctic snow were found to have an m;,
increasing slightly with wavelength instead of con-
stant as we have assumed.

Measurements have not been published of con-
centrations of graphitic carbon in snow. If we ac-
cept Mullen et al.’s (1972) report of 1 ppm dust in
snow at T-3, we are forced to hypothesize that
30-40% of the total dust is present as soot. This
would not be unusual for an industrial city, but
seems high for a remote area. However, the air in
the high Arctic is often visibly polluted, most likely
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from industrial sources in Europe (Rahn and McCaf-
frey, 1979; Rahn, personal communication). The
concentrations of trace elements in the atmosphere
at Barrow (Rahn and McCaffrey, 1979) are 4 to 10
times as high as in Greenland (Herron et al., 1977)
or in the Antarctic (Boutron and Lorius, 1979). The
concentration of soot in air arriving at Barrow from
the north (‘‘the clean air sector’’) is as much as one-
tenth of that in the air in New York City (Rosen,
personal communication). Rahn (personal com-
munication) estimates that soot would be present
in Arctic snow at a level of 0.2 ppmw, within a fac-
tor of 2—-3. This is based on 1) measured concen-
trations of noncrustal Mn in both snow and atmos-
pheric aerosol at Barrow (Rahn and McCaffrey,
1979; Weiss et al., 1978); 2) the measured fraction
of soot in aerosol over Sweden (Brosset, 1978); and
3) the assumption that soot and Mn, both being in the
submicron fraction, are removed from air into snow
with the same efficiency.

In the absence of data on the soot content of snow,
another speculation can be made from the estimates
of Seiler and Crutzen (1980). They estimate the total
worldwide production of graphitic carbon to be be-
tween 0.7 and 1.7 X 10" g year™!, and that 20—
30% of it becomes airborne. If we make the naive
assumption that this is uniformly distributed over
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the earth’s surface, the deposition rate would be 0.3
to 1.0 g m™2 year™!. In the Arctic Ocean, where the
mean annual precipitation is 13 g cm™2 year™!, the
carbon content would be 2—8 ppmw. This is 10-30
times as great as the amount of soot we think was
present in the snow whose albedo was measured
at T-3.

Even if the general level of soot in Arctic snow
is insufficient to reduce the albedo, soot may still be
the explanation of the low observed values at T-3.
The measurements of Grenfell and Maykut (1977)
were made within 500 m of the main camp on T-3,
giving rise to the possibility of local pollution. The
fuel which is burned for heating and electricity at
Arctic and Antarctic camps typically releases
0.1-0.3% of its mass as soot particles (R. Charlson
and J. Ogren, personal communication). Hanson
(1980) noted that melt puddles on Arctic sea ice
developed earliest in the camp areas, attributing this
to soot contamination.

5. Combined effects of soot and finite depth on snow
albedo

In Fig. 6 we used albedo calculations for a semi-
infinite snowpack. However, one of the three snow-
packs studied by Grenfell and Maykut (1977) was
thin enough that we expect the underlying surface
to influence the albedo. The middle solid line in Fig. 6
is for only 5 cm of wet new snow on top of multi-
year white ice. We investigate the extent to which
each of the two factors, finite depth and soot, can
account for the reduction in albedo relative to that of
pure deep snow. Both have the same qualitative ef-
fect, that of reducing the albedo only in the visible
region.
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Fig. 8 shows the wet new snow albedo measured
by Grenfell and Maykut along with three model pre-
dictions. We assume the snow density was 0.4 g
cm™2, so that the snow depth was 2 cm liquid equiv-
alent. The grain size is chosen as 300 um to match
the observed albedo at A = 0.9 um. The albedo of
the underlying white ice we take as intermediate be-
tween curves a and b in Fig. 2 of Grenfell and
Maykut (1977). This white ice has a maximum albedo
of 0.84 at A = 0.4 um. The resulting albedo we cal-
culate for the snow-ice system (without soot) is shown
as the dashed line in Fig. 8. The albedo at A = 0.4
wum is reduced by 4.4%, relative to semi-infinite
snow. If the underlying surface had been perfectly
black, the albedo would have been reduced by 8%
instead of 4.4%.

The finite-depth effect thus can only partially ac-
count for the observed albedo. In order to reduce
the calculated albedo to the observed levels we re-
quire the addition of 0.3 ppmw soot (plus signs in
Fig. 8). Thus, to explain observations we need the
same amount of soot whether we take into account
the finite depth (Fig. 8) or not (Fig. 6¢). This is be-
cause light does not penetrate as deeply in the dirty
snow as it does in pure snow. Two centimeter liquid
equivalent of soot-containing snow is actually effec-
tively semi-infinite in this case, whereas the same
depth of pure snow is not.

This effect can also explain the paradox described
in Section Se of Part I. In their study of the effect
of snow depth, Giddings and LaChapelle (1961, Fig.
2) found the snow albedo at A = 0.59 um for grain
size ~250 um and w, = 1 to be within 3% of the
asymptotic limit for a depth of 2 cm (~8 mm liquid
equivalent). Fig. 13b in Part I shows that for pure
snow about four times this depth would be required
to reach within 3% of the semi-infinite albedo. The
small 2 cm depth they observed corresponds to 7,
=~ 120 [Eq. (1) of Part I]. Our model for pure snow
(Fig. 5b of Part I) would indicate that the semi-
infinite limit when (1 — @) = 4 X 107° (correspond-
ing in Fig. 3 of Part I to A = 0.59 um and r = 250
wm) is not attained until 7, = 300, and that the
asymptotic albedo is 95%, not the 75% measured by
Giddings and LaChapelle. In order already at 7,
= 120 to reach an asymptotic albedo of 75%, (1
— @) would be required to be an order of magnitude
larger, around 10~ (Fig. Sb, Part I). This can be
achieved if the observed sample (from Alta, Utah)
contained ~1 ppmw of soot. This amount of soot
would explain the low asymptotic albedo of 75%,
as well as the much smaller depth required to reach
this asymptote.

6. Snow albedo at Antarctic stations

Measurements of impurities in falling snow and in
Antarctic ice cores show Antarctic snow to be ex-
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ceptionally clean. Typical values of total insoluble
impurities (0.01-0.03 ppmw) are far too small to
have any effect on snow albedo.

The spectral albedo measurements of Liljequist
(1956), plotted in Fig. 17 of Part I, do indeed show
very high values in tolerable agreement with our
calculations for pure snow (up to a; = 97% at A
= 0.5 um). However, recent measurements by
Kuhn and Siogas (1978) showed albedo values at the
South Pole to be only ~85-90% through the visible
spectrum. These measurements are shown in Fig. 1
and were discussed in the Introduction, where it was
pointed out that for shorter wavelengths our cal-
culated albedos (circles in Fig. 1) significantly ex-
ceeded the observed ones. In order to reduce the
calculated visible albedo (while retaining agreement
with observation in the near IR) we require the
presence of 1.5 ppmw of soot.* This is 50 to 100 times
the concentration of total particulate matter ob-
served in Antarctic ice cores, so this much soot
cannot be naturally present in Antarctic snow. We
think, however, that the particular snow sample
examined here was contaminated by local pollution.
The measurements were made ~1 km upwind from
the South Pole station (Kuhn, personal communica-
tion). There is considerable soot released to the
atmosphere here, both from aircraft exhaust in the
summer and from furnaces and generators, especially
in the winter. Also, in winter there are calm periods
of strong surface temperature inversion during which
the pollution dome extends in all directions, includ-
ing the normal ‘‘upwind’’ direction. B. Parker and
E. Zeller (personal communication), in the course of
their chemical analyses of snow 2 km upwind from
the South Pole, reported that all snow deposited
since the establishment of the station during IGY
(1957) contains visible filtrable carbon particles
(radii = 0.2 wm) but that snow below the 1957 level
does not contain those particles. Our opinion is that
albedos measured farther from the station would be
higher (for A < 0.9 wm) than those shown by the
solid line in Fig. 1, and that they would approximate
the circles plotted for pure snow in Fig. 1.

Because of the very uniform surface conditions
across the Antarctic plateau, energy-budget calcu-
lations (e.g., Weller, 1980) generally make the as-
sumption that measurements at stations are repre-
sentative of large areas of the interior. We would
therefore like to warn that the existence of local
pollution at the larger stations can make their local
radiation conditions uncharacteristic of the sur-
rounding region.

+ Kuhn (personal communication) calculates that his reported
albedos should be adjusted upward by 4% (of their value) at all
wavelengths due to the fact that the instrument box was in the field
of view when the photometer head was facing downward. This
means that we would require only 1 ppmw of soot to explain the
measurement.
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7. Summary

We have shown that the discrepancy between
observations of visible snow albedo and calculations
for pure snow (Fig. 17 of Part I) can be resolved if the
snow whose albedo was measured was not pure. In
order to match the observations of snow albedo at
Station T-3 in the Arctic Ocean and at the South Pole
Station, we require the presence of a grey impurity,
i.e., one whose imaginary index of refraction varies
little with wavelength. Graphitic carbon (‘‘soot’’)
has this property, and it is a normal component of
the background atmospheric aerosol due to indus-
trial sources as well as forest and brush fires. The
snow at South Pole Station almost certainly suffers
from local contamination and its albedo is unrep-
resentative of the rest of the Antarctic plateau where
measured impurity concentrations are too low to af-
fect the albedo.

Soot at T-3 in the Arctic Ocean, of which we re-
quire 0.3 ppmw to explain the albedo, may either
be characteristic of the entire Arctic basin or derived
from local (camp) pollution. This amount is not
unrealistic if the soot which has been measured in
Arctic air finds its way into the snow as well.

In middle latitudes the snow is closer to sources
of dust and soot, but the snow accumulation rate is
higher, so the concentration of impurities may not
be larger until the snow begins to melt. The deposi-
tion rate of elemental carbon in Lake Michigan is
now 30 ug cm~2 year™! (J. Herring, U.S.G.S., un-
published manuscript). It was only half this value
prior to 1900. The morphology of the particles in-
dicates about one-half charcoal and one-half indus-
trial sources. Assuming an annual precipitation of
1 m (liquid equivalent), the snow near Lake Michigan
would contain 0.3 ppmw soot, the same as we need
to explain albedo observations in the Arctic Ocean
(Fig. 6), where the annual precipitation is only one-
tenth that of Lake Michigan.

It is difficult to analyze for graphitic carbon, par-
ticularly because it must be distinguished from
organic carbon. It has not been looked for in any of
the many snow-chemistry studies in Antarctica and
Greenland. Due to the excellent experimental work
of Rosen and Novakov (1977, 1978), however, it has
now become possible to identify and measure the
carbonaceous content of aerosols. In order to test
the predictions of our model, it will be necessary to
make simultaneous measurements of snow spectral
albedo, snow grain size, soot concentration and soot
size distribution.

The snow samples reviewed here were from
Arctic and Antarctic locations, and they exhibited
“‘grey’’ albedo in the visible. In snowfields closer
to desert areas and remote from population centers,
such as the ice caps of the Tibetan Plateau, the
principal absorptive component of the dust may be
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iron oxide instead of carbon. The snow would then
exhibit a peak in the spectral albedo near A = 0.6
wm (Fig. 5), as has been seen by eye in Europe and
New Zealand following dust storms in North Africa
and Australia.

If the albedo of natural snow is being reduced by
the presence of dust or soot, this could be an im-
portant climatic effect of tropospheric aerosols.
Landsberg (1970) speculated that the climatic ef-
fects of aerosols in snow would be greater than their
effects in the troposphere. Aerosols in the tropo-
sphere have competing effects on the radiation
budget, in that they both absorb and reflect solar
radiation, and emit infrared radiation. Carlson and
Benjamin (1980) show that, for typical Saharan dust
over the Atlantic, these effects roughly cancel each
other for the top-of-atmosphere net flux. But when
absorbing aerosols fall into snow, they have only one
effect—that of reducing the shortwave albedo. The
emissivity of snow in the infrared window region
(8—12 um) is very close to 1.0 (Figs. 8b and 11b of
Part I) and the addition of parts-per-million amounts
of dust does not change it.

In closing, we might note that gross amounts of
carbon particles have in the past been suggested as
effective melters of sea ice or modifiers of weather
(Gray et al., 1976). The present work indicates that
such particles may have been having a climatic ef-
fect, albeit on a more subtle scale, over long periods
of earth’s history, which effect has been accentuated
by man’s industrial pollution.

Note added in proof. Grenfell et al. (1980) have
recently collaborated to make simultaneous meas-
urements of snow spectral albedo and soot content.
Their measured grain sizes apparently are not the
same as our effective spherical radii, so we deduce
the effective optical grain size from the near-IR
albedo measurements. It then appears that, in order
to explain the visible albedos, we would need 2-5
times as much soot as was actually found in the
snow. A factor of 2 difference in soot concentra-
tion can be explained by our use of graphite density
instead of soot density (see footnote 3), but the re-
maining discrepancies remain to be investigated.
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